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Abstract:
Snowcover areal depletion curves inferred from the moderate resolution imaging spectroradiometer (MODIS) are
validated and then applied in NASA’s catchment-based land surface model (CLSM) for numerical simulations of
hydrometeorological processes in the Kuparuk River basin (KRB) of Alaska. The results demonstrate that the MODIS
snowcover fraction f derived from a simple relationship in terms of the normalized difference snow index compares
well with Landsat values over the range 20  f  100%. For f < 20%, however, MODIS 500 m subpixel data
underestimate the amount of snow by up to 13% compared with Landsat at spatial resolutions of 30 m binned to
equivalent 500 m pixels. After a bias correction, MODIS snow areal depletion curves during the spring transition
period of 2002 for the KRB exhibit similar features to those derived from surface-based observations. These results
are applied in the CLSM subgrid-scale snow parameterization that includes a deep and a shallow snowcover fraction.
Simulations of the evolution of the snowpack and of freshwater discharge rates for the KRB over a period of 11 years
are then analysed with the inclusion of this feature. It is shown that persistent snowdrifts on the arctic landscape,
associated with a secondary plateau in the snow areal depletion curves, are hydrologically important. An automated
method is developed to generate the shallow and deep snowcover fractions from MODIS snow areal depletion curves.
This provides the means to apply the CLSM subgrid-scale snow parameterization in all watersheds subject to seasonal
snowcovers. Improved simulations and predictions of the global surface energy and water budgets are expected with
the incorporation of the MODIS snow data into the CLSM. Copyright  2005 John Wiley & Sons, Ltd.
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INTRODUCTION
Given its prevalence in high-latitude and altitude regions, snow represents a key component of the global
hydrological cycle. With its radiative and thermal properties, a snowcover greatly affects the overlying air
and the underlying ground. Snow reflects most of the incident solar radiation owing to its elevated albedo (up
to 80% or more), which leads to a suppression of near-surface atmospheric temperatures (Ellis and Leathers,
1998). The insulating properties of snow, owing to its relatively low thermal conductivity, determine to a large
extent permafrost conditions (e.g. Stieglitz et al., 2001, 2003). Through sublimation processes, a snowcover
constitutes a sink of energy near the surface and a source of atmospheric moisture (Déry et al., 1998; Déry
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and Yau, 2002). During winter, snow acts as a temporary reservoir for water that may then be quickly released
during the spring transition period, with meltwater contributing as much as 80% of the yearly discharge of
some arctic streams and rivers (McNamara et al., 1998). Similarly, water resources for power generation and
irrigation in many arid or semi-arid regions, such as the southwestern USA, depend largely on meltwater from
alpine snowpacks (e.g. Sorooshian et al., 2002).
Recently, observational evidence has emerged suggesting ongoing changes in the state of seasonal
snowcovers across North America and Eurasia. Brown and Braaten (1998) and Curtis et al. (1998) observed
decreasing trends in snow depth, and Foster (1989) recorded trends towards an earlier spring snowmelt
during the second half of the 20th century at Alaskan and Canadian arctic sites. In contrast, Ye et al.
(1998) documented significant increases in snow accumulation in a zonal band between 60 and 70° N in
northern Russia between 1936 and 1983. Changes in snowcover conditions are in part symptomatic of warmer
near-surface air temperatures (Chapman and Walsh, 1993) that have led to modifications in continental
precipitation patterns and phases (solid and liquid). These changes have important implications for all
components of the global climate system, including the biosphere, cryosphere, and hydrosphere. For instance,
enhanced wintertime snowfall in northern Russia has been observed to delay the spring melt, the onset of the
growing season (Vaganov et al., 1999), and to increase river discharge to the Arctic Ocean (Peterson et al.,
2002). An early onset of the spring melt in many regions of North America has prolonged the growing season
such that the net primary production of vegetation has increased in recent years (e.g. Myneni et al., 1997).
Although significant improvements have recently been achieved in the simulation of the large-scale (from 10
to 1000 km) spatial distribution of snow (e.g. Stieglitz et al., 2001; Sheffield et al., 2003), typical land surface
models (LSMs) applied in regional climate models (RCMs) and general circulation models (GCMs) usually
consider the snowcover to be spatially uniform within a model grid cell that often covers an area greater than
1000 km2 . In nature, however, considerable variability in snowcover characteristics (snow depth, snow water
equivalent, albedo, etc.) exists owing to small-scale variations in topography, vegetation, and meteorological
conditions. For instance, snowdrifts on the North Slope of Alaska may contain up to 20 times more mass than
snow in non-drift regions (Sturm et al., 2001). Thus, subpixel variability in snowcover can delay the onset of
snow ablation from 2 weeks up to 2 months, with significant implications for the surface energy and water
budgets (Arola and Lettenmaier, 1996; Luce et al., 1998; Stieglitz et al., 1999; Déry et al., 2004).
We demonstrate the feasibility of using remote-sensing data of snowcover area to improve numerical
simulations of land surface processes in an Alaskan watershed. Snowcover measurements inferred from the
moderate resolution imaging spectroradiometer (MODIS) are first validated using an independent dataset.
Then, snow areal depletion curves, defined here as the temporal evolution of the snowcover fraction for a
given area (Hall and Martinec, 1985), are inferred from MODIS and provide the constraints for a subgrid-scale
snow parameterization that has recently been developed for NASA’s catchment-based LSM (CLSM; Koster
et al., 2000; Ducharne et al., 2000). The goals of this study are twofold: (1) to validate the representation
of subpixel snow by MODIS in the Kuparuk watershed and to correct the data for possible biases; (2) to
apply the MODIS snow areal depletion curves to constrain the free parameters introduced by the CLSM
subgrid-scale parameterization and to determine the benefits (if any) of using this information in numerical
simulations of land surface processes in Alaska. To achieve these objectives, snowmelt for an 11 year period
over the Kuparuk River basin (KRB) on the North Slope of Alaska is investigated.

BACKGROUND
Although snow seasonally can cover up to 40% or more of the Northern Hemisphere land surface (Hall, 1988),
its distribution and characteristics vary considerably even over small scales (on the order of tens of metres).
For example, the KRB is located near 70° N, 150 ° W and covers an area of 8400 km2 on the North Slope of
Alaska (Figure 1). It is a watershed with its source in the Brooks Range and that extends 200 km to the north
where the Kuparuk River discharges into the Arctic Ocean. For 8 months each year, the KRB is subject to a
Copyright  2005 John Wiley & Sons, Ltd.
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Figure 1. (a) Map of Alaska and surrounding features, including the KRB (shaded in black). (b) Close-up map of the KRB with locations
identified in the text. Thirteen subbasins over which the CLSM is run are also outlined

seasonal snowcover that exhibits considerable small-scale, end-of-winter variability (Holmgren et al.; 1975,
Kane et al., 2000; Déry et al., 2004). During a typical winter, a mean annual total of about 120 mm snow
water equivalent (SWE) of solid precipitation accumulates on the surface of the KRB (McNamara et al.,
1998). Mesoscale and synoptic-scale atmospheric processes and patterns that govern storm tracks and the
location of the arctic front first determine the exact amount of winter precipitation and its distribution on
the North Slope of Alaska (Serreze et al., 2001). Altitudinal control over precipitation type and intensity in
the foothills of the Brooks Range further enhances the heterogeneous nature of the snowcover. In addition,
frequent blowing snow events lead to considerable small-scale variability in the snowcover of the KRB (Déry
and Yau, 1999).
Following the long period of formation (¾8 months), multiple factors control the rapid ablation of the
snowcover that typically occurs each May or early June. Snowmelt on the North Slope of Alaska is radiatively
driven (Zhang et al., 2001). The distribution and properties of the snowcover, including its depth, density, and
heat content, also set the stage for the melting process (Lynch et al., 1998). Zhang et al. (1996) propose that,
during spring, longwave radiation from low-level clouds accelerates the melting process. Southward-facing
slopes, where solar radiation is enhanced, ablate at a faster pace than northward-facing slopes (Déry et al.,
2004). The presence of vegetation protruding through the snowcover also locally accelerates the snowmelt
process (Holmgren et al., 1975). As the snowcover becomes patchy, the horizontal advection of heat promotes
further melt (Liston, 1995). Despite this, persistent snowdrifts often remain on the arctic landscape 1 month
after the onset of melt in non-drift regions (Holmgren et al., 1975; Sturm et al., 2001; Déry et al., 2004).
Field observations, photographs, remote-sensing data, and numerical modelling of the end-of-winter snowcover
distribution on the North Slope of Alaska show that these features are small-scale phenomena with typical
Copyright  2005 John Wiley & Sons, Ltd.
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lengths of tens to hundreds of metres (Sturm et al., 2001; Li and Sturm, 2002; Déry et al., 2004). Despite
their relatively small sizes, snowdrifts in the region often attain thicknesses and water contents 3–20 times
larger than observed in non-drift areas (Sturm et al., 2001). Thus, snow areal depletion curves in the KRB
show a rapid decrease from 100% in the early stages of the melt period, followed by a slow progression
toward a completely bare surface (Liston, 1999). The small-scale spatial distribution of snowcover, therefore,
has significant control over snowmelt, with subsequent implications for the surface energy and water budgets
during the spring transition period.
Snowdrift features have been documented in many other regions, including the Canadian Prairies and
United States Great Plains (Pomeroy and Gray, 1995), as well as in the Western Cordillera (Luce et al.,
1998). Although snowdrifts come in various shapes and sizes, they are usually elongated along one axis,
with widths several times smaller than the distance they cover along their principal axis (Andreas, 1995).
Although the larger snowdrifts tend to contain more SWE than their smaller counterparts, they appear less
frequently on the landscape. Hence, both small and large snowdrifts have the potential to alter the surface
energy and water budgets significantly. However, the degree to which this small-scale heterogeneity affects
the large-scale climate remains unknown. As the global climate is changing, and as demands for freshwater
continue to increase, the accurate simulation and prediction of the interactions and feedbacks between the
land surface (including snowcover) and the atmosphere across all scales become essential.

NUMERICAL MODEL AND EXPERIMENTAL STRATEGY
Numerical model
The CLSM has been developed in conjunction with NASA’s Seasonal-to-Interannual Prediction Project
(NSIPP) to provide the boundary conditions for land surface fluxes of heat and moisture in the NSIPP
GCM. By using the catchment as the fundamental hydrological unit, the CLSM is unique in simulating land
surface processes (Ducharne et al., 2000; Koster et al., 2000). Instead of the rectangular grid cells commonly
employed in conventional LSMs, the CLSM partitions the Earth’s land surface into multiple drainage basins,
each covering an area of about 5000 km2 . For example, the CLSM partitions the surface of Alaska into nearly
300 river basins, including the KRB.
The CLSM incorporates information derived from digital elevation models (DEMs), since it is topographically driven. While conserving mass and energy, the model simulates a wide range of land surface processes,
including evapotranspiration, water infiltration, and river runoff. At high latitudes and altitudes, the CLSM
must also represent snow and permafrost processes. To that end, the CLSM was coupled to a snow physics
model and a permafrost dynamics module (Lynch-Stieglitz, 1994; Stieglitz et al., 2001). This version of the
CLSM was shown to improve the simulation of ground temperatures and the subsequent location of the southern permafrost boundary across the North American continent. Despite the improved simulations of snow and
ice processes at large scales (Stieglitz et al., 2001), the standard CLSM remains deficient in representing some
of the small-scale snow heterogeneity found in nature. Since the spring transition period constitutes the most
significant hydrological period on an annual basis in most high-latitude and -altitude river basins (Woo, 1986),
there is a marked interest in simulating the timing and intensity of this event with a high level of accuracy.
Thus, for the CLSM, a subgrid-scale snow parameterization has been developed. This parameterization divides
the snowcover into two regions: one depicting a shallow snowcover area Ashallow , where winds erode snow
from the surface, and another representing a deep snowcover area Adeep , where winds deposit the snow. The
shallow snow fraction denotes flat terrain or windward slopes where winds easily transport snow, whereas
the deep snow fraction represents valleys and leeward slopes where snow preferentially accumulates. Since
blowing snow is the dominant process causing snowcover heterogeneity, Déry et al. (2004) demonstrated
that this parameterization significantly improves the simulation of snowcover ablation and of river runoff for
the Upper KRB, a 142 km2 subbasin of the KRB. Values of the shallow (0Ð65) and deep (0Ð35) snowcover
fractions were chosen based on results from the Piektuk blowing snow model (Déry and Taylor, 1996; Déry
Copyright  2005 John Wiley & Sons, Ltd.
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et al., 1998) applied to a north–south transect in the Upper KRB. To avoid the computational demands of a
distributed blowing snow model, it is demonstrated later in this paper that remote-sensing data of snowcover
area can also be utilized to infer the values of Ashallow and Adeep .
Model modifications
Apart from its contribution to subgrid-scale spatial variability, blowing snow enhances surface latent heat
fluxes during high wind and relatively dry atmospheric conditions (Déry and Yau, 2001a). Aeolian snow
sublimation is parameterized in the updated CLSM following Déry and Yau (2001b) and is computed when
ambient conditions are favourable for blowing snow (Déry and Yau, 1999, 2002). The additional latent heat
arising from aeolian sublimation occurs over the shallow snowpack area where winds are able to scour snow
from the surface.
A deep snowpack area forms in riverine depressions owing to snow redistribution. In turn, this creates snow
damming of meltwater that delays the onset of significant runoff during the spring transition period (Kane
et al., 2000). In the CLSM subgrid-scale snow parameterization, meltwater from the shallow snowpack area
is transferred to the deep snowpack area instead of contributing directly to ground infiltration and/or surface
runoff. Snow damming effects retard the onset of peak runoff rates during the spring transition season.
Two novel features incorporated in this version of the CLSM affect the responsiveness of soils to
precipitation. The first is the inclusion of stormflow processes in the model by allowing for shallow subsurface
flow (‘quickflow’) from near-saturated soil that is located above the main water table to contribute directly to
surface runoff (Shaman et al., 2002). The second is the subgrid-scale spatial variability of the depth-to-bedrock
that considers the effects of shallow (deep) soils in highland (lowland) regions within a catchment. This feature
becomes important as the active layer deepens and a greater fraction of the soil column becomes hydrologically
active. The integration of these two features leads to improved simulations of runoff responsiveness (Shaman
et al., 2002).
Experimental strategy
Instead of interacting with the NSIPP GCM, the CLSM is run offline over the KRB for the period
1991–2001. During the spring transition period, there is a rapid expansion of saturated soil areas on the
Arctic Coastal Plain, since small lakes and wetlands capture part of the meltwater (Bowling et al., 2003). The
KRB, therefore, is partitioned into 13 separate subbasins of about 650 km2 to better capture the effects of local
topography and of local meteorological conditions on hydrological processes in the basin (Figure 1b). A DEM
with a 25 m horizontal resolution is used to generate a probability density function of topographic parameters
for each of the 13 subbasins that are used as input in the CLSM. In each of the 13 subbasins, the model is
driven by a meteorological dataset constructed from observations recorded at 18 stations within the KRB. The
atmospheric fields that force the CLSM are the hourly observed air temperature, humidity, precipitation, wind
speed, surface atmospheric pressure, and incoming longwave and shortwave radiative fluxes. The CLSM is
first spun up over a period of 30 years to equilibrium using 1991 observational data recursively. The model
is then integrated forward in time until 31 December 2001. A timestep of 20 min is used in all integrations.
Simulations with and without the subgrid-scale snow parameterization are presented to illustrate the benefits
(if any) of incorporating the MODIS snowcover data into the simulations. Four supplemental simulations are
then conducted to test the sensitivity of the results to the recent modifications incorporated into the CLSM
(see previous section). For each simulated year, the focus is on the spring transition period, such that results
for river runoff and SWE are presented for May and June only.

MODIS SNOWCOVER PRODUCTS
Space-borne instruments have the advantage of providing global or hemispheric snow maps at high resolutions.
Among recent satellites mounted with instruments that have snow detection capabilities are the Earth
Copyright  2005 John Wiley & Sons, Ltd.
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Observing System (EOS) Terra and Aqua spacecraft, launched in 1999 and 2002 respectively. Both Terra
and Aqua carry a MODIS instrument that probes the Earth’s atmosphere and surface using 36 visible and
thermal infrared channels (Barnes et al., 1998). Based on heritage algorithms developed using aircraft and
Landsat data (Crane and Anderson, 1984; Dozier, 1989), MODIS band 4 (0Ð545–0Ð565 µm) and band 6
(1Ð628–1Ð652 µm) measurements of reflectance, the normalized difference snow index (NDSI) is evaluated
(Hall et al., 1995; 2002a):
band 4  band 6
NDSI D
1
band 4 C band 6
A pixel where NDSI >0Ð4 and where reflectance in MODIS band 2 (0Ð841–0Ð876 µm) is >11% is identified
as snow. To prevent the erroneous classification of dark targets as snow, however, a grid point is not classified
as snow if MODIS band 4 reflectance is <10%, even if the other criteria are met. In addition to NDSI, MODIS
bands 1 (0Ð620–0Ð670 µm) and 2 (0Ð841–0Ð876 µm) are used to calculate the normalized difference vegetation
index (NDVI) from
band 2  band 1
NDVI D
2
band 2 C band 1
Following the methodology of Klein et al. (1998), an additional test using the NDSI and NDVI is then used to
improve the detection of snow in dense forests. An ‘impossible snow mask’ is also implemented to decrease
the errors of commission in warm areas where clouds and/or dense aerosols and smoke, for example, may
cause the MODIS algorithm to map snow erroneously. Cloud (Ackerman et al., 1998) and land/water masks
supply the final criteria used in the generation of MODIS snowcover maps. This automated snow mapping
algorithm yields hemispheric snowcover charts that complement existing operational maps (e.g. Ramsay, 1998;
Hall et al., 2002b), while providing significant advances in spatial resolution and snow/cloud discrimination
capabilities. An important consideration for this study is the daily coverage of the land surface by MODIS,
since snowcover conditions change rapidly from day to day during the spring transition period in Alaska.
Furthermore, ongoing validation studies demonstrate that the MODIS snow maps compare favourably with
operational snow charts (Hall et al., 2002a,b; Klein and Barnett, 2003; Maurer et al., 2003).
MODIS snowcover products are available at temporal resolutions varying from 1 to 8 days and at spatial
resolutions varying from 500 m to 0Ð05° (¾5Ð6 km at the equator) (Hall et al., 2002a). Even at a spatial
resolution of 500 m, however, binary (snow/no snow) MODIS products of snowcover area exhibit some
deficiencies in depicting actual snow conditions owing to the small-scale nature of snowdrifts (see Background
section) and variations in topography. To improve the representation of land surface heterogeneity, several
relationships between the NDSI and snowcover area have been formulated to detect the fractional coverage
of snow for each MODIS 500 m pixel (e.g. Kaufman et al., 2002; Vikhamer and Solberg, 2002). Salomonson
and Appel (2004) compared MODIS data with Landsat satellite imagery at a spatial resolution of 30 m that
was considered to be ground truth. For the North Slope of Alaska, they find that the snow areal fraction f
[0–1] within a 500 m MODIS pixel can be estimated from
f D A C B ð NDSI

3

where A D 0Ð06 and B D 1Ð21. The linear regression attains an overall accuracy of R2 D 0Ð95. In the following
section, this methodology is validated for the KRB during 2 days in the spring transition period of 2002. The
results are then applied to generate snow areal depletion curves and to constrain the CLSM parameters for
subgrid-scale snow.

METHODS: VALIDATION AND APPLICATION OF MODIS SNOWCOVER DATA
Before application in simulations of land surface processes, MODIS snowcover data are first validated against
Landsat imagery of the North Slope of Alaska. Snow areal depletion curves deduced from the MODIS data
Copyright  2005 John Wiley & Sons, Ltd.
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are then presented and are used to infer the shallow and deep snowcover fractions in the KRB. These fractions
are applied in the CLSM subgrid-scale snow parameterization and the model is integrated over a period of
11 years to simulate land surface processes over this catchment.
Validation of MODIS snowcover data
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During 2002, snowmelt in the KRB was initiated in mid-May and lasted about 2 weeks. Figure 2a presents
hourly surface air temperature measurements recorded at the Arctic Long Term Ecological Research (LTER)
station at Toolik Lake, Alaska (see Figure 1b). Meteorological conditions at the Arctic LTER, representative
of the entire KRB, suggest that surface air temperatures climb above the freezing point on 16 May 2002
and that the relatively warm conditions persist for 10 days. Snow-course surveys conducted by Kane and
Hinzman (2003) at Imnavait Creek, a 2Ð2 km2 watershed situated in the headwaters of the KRB, reveal the
rapid melt that accompanied the above-freezing temperatures during the week of 15–22 May 2002 (Figure 2b).
Subsequent to this, measurements of freshwater discharge near the mouth of the Kuparuk River collected at
Deadhorse by the USGS exhibit a crest on 26 May 2002 associated with the meltwater (Figure 2b). By the
end of the month, river runoff rates abate and snowmelt is nearly complete across the entire KRB.
Owing to the high frequency of blowing snow events in the KRB, the snowcover displays considerable
heterogeneity even in midwinter. However, since MODIS provides information only on the snowcover fraction,
we choose two dates during the snowmelt period of 2002 for which MODIS and Landsat data are available
and when mostly clear skies are observed: 23 May 2002, approximately midway during the snowmelt, and 30
May 2002, near the end of the melt period. For these cases, Landsat binary measurements of snowcover at a
spatial resolution of 30 m are binned to pixels of 500 m and the corresponding MODIS subpixel snowcover
fraction is inferred from Equation (3). The comparisons are performed only over the domain of the KRB.
Figure 3 presents a comparison of MODIS and Landsat snowcover fraction for each 500 m pixel in the
KRB. For the two dates, MODIS values of f compare favourably with those from Landsat. The mean absolute

0
31-May

Date (2002)
Figure 2. (a) Hourly values of surface air temperature recorded at Toolik Lake between 15 and 31 May 2002. (b) Daily values of the
observed SWE at Imnavait Creek and of total runoff rates recorded at Deadhorse, near the mouth of the Kuparuk River. Measurements
of surface air temperature are from the Arctic LTER database (http://ecosystems.mbl.edu/arc/), the SWE data are from Kane and Hinzman
(2003), and the discharge data are from the United States Geological Survey (USGS)
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(a)

(b)

Figure 3. A comparison of Landsat versus MODIS snowcover fraction at 500 m resolution. The MODIS fractional data are derived from
a linear regression that relates subpixel snowcover fraction to values of the NDSI. This comparison is conducted over the KRB on (a) 23
May 2002 and (b) 30 May 2002. The thick black lines denote linear regressions performed on the data

errors in snowcover fraction are 8Ð7% and 2Ð1% on 23 and 30 May 2002 respectively (Table I). However,
there is better correspondence between the two datasets early on during the melt period, as evidenced by the
respective values of 0Ð89 and 0Ð19 for the coefficients of determination R2 . The higher mean absolute and
root-mean-square errors obtained during the early melt period arise from the greater range in the snowcover
Copyright  2005 John Wiley & Sons, Ltd.
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Table I. Results from the error analysisa
Date

Pixels

R2

MAE (%)

RMSE (%)

fLandsat (%)

fMODIS (%)

23 May 2002
30 May 2002
Total

35 022
13 413
48 435

0Ð89
0Ð19
0Ð90

8Ð7
2Ð1
6Ð9

13Ð9
6Ð5
12Ð3

40Ð0
2Ð2
—

37Ð6
0Ð4
—

a

R2 : coefficient of determination; MAE: mean absolute error; RMSE: root-mean-square error; fLandsat : Landsat snow-cover fraction; fMODIS :
MODIS snow-cover fraction.
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Figure 4. The error in the MODIS subpixel snow fraction compared with the Landsat data. The data were binned into 100 intervals, each
covering a 1% snow fraction. This comparison is conducted over the KRB and uses data from both 23 May and 30 May 2002. The thick
black line denotes a five-point running mean and the grey line is a ninth-order polynomial fit to the data

fraction observed at that time. Overall, we obtain errors that are similar to those reported by Salomonson and
Appel (2004) for the same region, with R2 D 0Ð90, a mean absolute error of 7% and a root-mean-square error
of 12% in snowcover fraction.
A more detailed error analysis of the data presented in Figure 3 is now performed. Figure 4 reveals the
error in 100 snow-fraction bins, each covering 1% in area, between the Landsat and MODIS snow fractions.
This analysis shows that MODIS represents well the Landsat snow fraction (š5%) over a wide range of
snow-fraction values (20 to 100%). However, MODIS tends to underestimate the snow fraction when the
snowcover becomes patchy (f < 20%), with errors reaching 13%. A ninth-order polynomial fit to the errors,
given by
E D a0 C a1 f C a2 f2 C a3 f3 C a4 f4 C a5 f5 C a6 f6 C a7 f7 C a8 f8 C a9 f9

4

provides a function by which these biases can easily be removed. Coefficients for Equation (4) are provided
in Table II.
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Table II. Coefficients for the polynomial fit (Equation (4))
Coefficient
a0
a1
a2
a3
a4

Value
6Ð3076 ð 101
5Ð9015
1Ð1474
9Ð4558 ð 102
4Ð2263 ð 103

Coefficient
a5
a6
a7
a8
a9

Value
1Ð1081 ð 104
1Ð7491 ð 106
1Ð6351 ð 108
8Ð3401 ð 1011
1Ð7892 ð 1013

Figure 5. The temporal evolution of snow areal coverage deduced from MODIS over the KRB (black line) between 15 and 31 May 2002.
Additional snow areal depletion curves, representing four zonal bands of 0Ð5° within the KRB, are also included

Snow areal depletion curves inferred from MODIS
MODIS imagery providing the best daily nadir coverage (usually near local noon) is selected to construct
a snow areal depletion curve for the KRB during 2002. Daily values of the snowcover fraction are computed
using only clear-sky pixels; hence, the total number of MODIS cells used in the estimates varies on a daily
basis, but cloudy regions do not influence the results. More uncertainty in snowcover fractions for the KRB
exists during cloudy periods, and this limitation in our methodology is covered in the Discussion section.
Based on the daily uncorrected MODIS subpixel data, the snow areal depletion curve for the spring transition
period of 2002 over the domain of the KRB is presented in Figure 5. This suggests that the onset of melt was
initiated near 19 May 2002 and lasted about 10 days, consistent with the measurements of river discharge
rates at Deadhorse and of SWE at Imnavait Creek (see Figure 2b). Often, the onset of melt is initiated in
the southern sections of the basin, where solar radiation is greatest. Figure 5 also presents the snow areal
depletion curves in four latitudinal bands of about 0Ð5° each within the KRB. This shows that a time lag of
several days exists in the melt of snow in the most northern regions of the basin compared with their southern
counterparts. The latitudinal gradient in snowmelt may also explain the delay in the observed peak in the
hydrograph compared with the evolution of snowcover area.
Copyright  2005 John Wiley & Sons, Ltd.
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Figure 6. The temporal evolution of snow areal coverage inferred from the original and the bias-corrected MODIS data over the KRB in
May 2002

There is one notable contrast between the snow areal depletion curves derived from the uncorrected MODIS
data and those obtained from snow-course measurements. Liston (1999) presented a comprehensive set of
snow observations for Imnavait Creek. The observed snow areal depletion curve (Liston, 1999: Figure 3c)
shows that, in the late stages of the spring melt, there is a fraction (¾5–10%) of snow remaining within
the Imnavait Creek watershed. This is attributed to snowdrifts that persist on the arctic landscape for several
weeks as they slowly ablate, whereas the remainder of the shallow snowcover has already vanished. The scale
of these features and the detailed error analysis suggest that snowdrifts are not being detected by MODIS (see
Background and Validation of MODIS snowcover data sections). In fact, snow areal depletion curves derived
from MODIS show little, if any, snow persisting throughout the KRB during the spring transition period of
2002 (Figure 5).
Figure 6 depicts the snow areal depletion curve when these errors are removed from the MODIS snow
fractions. Here, the new MODIS snow fraction fnew is obtained by adding the error E to the old snow fraction
fold for a given MODIS snow fraction, i.e. fnew D fold C Efold , where E is estimated from the polynomial
fit (Equation (4)). The bias-corrected snow areal depletion curve now shows the persistent snowdrifts (covering
¾5% of the KRB, or equivalent to the same ratio observed by Liston (1999) at Imnavait Creek) that remain
on the arctic landscape as a result of wind redistribution.
A method for partitioning the KRB into shallow and deep snowcover fractions
To obtain the fractions covered by shallow and deep snowpacks within the KRB, the following procedure
is used. On the bias-corrected snow areal depletion curve, two tangents are drawn (Figure 7). One tangent is
associated with the point at which the slope of the snow areal depletion curve attains its maximum absolute
value, and the other is associated with the point where the slope of the snow areal depletion curve lessens to
a threshold absolute value of 1% per day after the maximum absolute value has been achieved. (The physical
basis for the selection of these two points along the snow areal depletion curve is covered in the Discussion
section.) The intersection of these two tangents provides the day, as denoted by the vertical dashed line in
Figure 7, at which time the shallow snowpack is assumed to have completely melted. The remainder of the
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snowpack is taken as the deep area. Based on this methodology, Ashallow D 76% and Adeep D 24% for this case.
A similar procedure is used to obtain the shallow and deep snowcover fractions in each of the four zonal bands
considered in Figure 5. Table III shows that there is more snowcover heterogeneity in the southern sections of
the KRB, where greater topographic variations exist. Thus, the shallow snowcover fraction ranges from 0Ð20
along the coast to 0Ð27 in the headwaters of the KRB. This is in accord with the previous findings of Déry
et al. (2004), who used a blowing snow model to infer a shallow snowcover fraction of 0Ð35 for the Upper
KRB (see Numerical model section). The MODIS deep and shallow snowcover fractions are then incorporated
into the CLSM subgrid-scale snow parameterization for simulations of hydrometeorological processes in the
KRB. Since MODIS is a recent initiative, the shallow and deep snowcover fractions are assumed constant
from year to year in the numerical simulations. Further comparisons between MODIS and Landsat data will
be required to demonstrate that there is little interannual variability in the shape of the snow areal depletion
curves in the KRB.

Figure 7. The temporal evolution of snow areal coverage inferred from the bias-corrected MODIS data over the KRB in May 2002 (thick
black line). The text describes the methodology by which the areas covered by a shallow (Ashallow ) and a deep (Adeep ) snowcover are inferred
from the snow areal depletion curve

Table III. Shallow and deep snow-cover fractions (Ashallow and Adeep
respectively) for four latitudinal bands in the KRB
Latitudinal band
68Ð49
68Ð97
69Ð45
69Ð93

<
<
<
<

Lat.
Lat.
Lat.
Lat.
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<68Ð97 ° N
<69Ð45 ° N
<69Ð93 ° N
<70Ð42 ° N

Ashallow

Adeep

0Ð73
0Ð75
0Ð79
0Ð80

0Ð27
0Ð25
0Ð21
0Ð20
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SIMULATION RESULTS
Simulations of land surface processes in Alaska using MODIS snowcover data
Results from two CLSM numerical simulations are now presented: one as the control (CTL) experiment
without subpixel snow heterogeneity (i.e. with a spatially uniform snowcover) and another with the subgridscale snow (SSS) parameterization. In the SSS experiment, the shallow and deep snowcover areas are specified
using the MODIS subpixel data for the nearest zonal band to each of the 13 subbasins as obtained in the
previous section. The values of Ashallow and Adeep are assumed constant in time, as snow distributions are
mostly driven by topographic variations in the KRB and, thus, show a high degree of correlation from year
to year (König and Sturm, 1998). Emphasis is given to the evolution of the simulated river runoff and of
snowpack ablation. Comparisons with field-based observations are conducted where an appropriate dataset is
available.
Figure 8 presents a comparison of the observed and the simulated daily discharge rates for the Kuparuk
River, with and without the subgrid-scale snow parameterization, between 1 May and 30 June for each of
11 years. Runoff data recorded by the USGS at Deadhorse near the mouth of the Kuparuk River allow an
evaluation of the CLSM’s performance over the entire watershed. From the observations, it is evident that
runoff associated with snowmelt produces a crest in the hydrograph in late May or early June. The standard
CLSM has difficulty capturing this peak, since it tends to overestimate the amount of water associated
CTL

OBS

SSS

1991

1992

1993

1994

1995

1996

1997

1998

1999

2000

2001

Mean

20

10

Total Runoff (mm d-1)

0
20

10

0
20

10

0

May

June

May

June

May

June

May

June

Figure 8. The observed (OBS) and simulated daily rates of total runoff for the Kuparuk River from 1 May to 30 June 1991– 2001. Mean daily
values of the observed and simulated runoff over the period 1991– 2001 are also shown. Two simulations are conducted with the CLSM:
one as the control (CTL) experiment without subpixel snow heterogeneity and another with the subgrid-scale snow (SSS) parameterization.
River discharge measurements are from the USGS
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with snowmelt. Without the subgrid-scale snow parameterization, the CLSM also has problems timing the
peak discharge rates compared with observations. With the subgrid-scale snow parameterization, a significant
improvement in the simulations is achieved. The CLSM is now able to capture with more accuracy the timing
and the amount of river runoff associated with snowmelt.
The seasonal cycle of mean daily runoff rates also illustrates the improved results when the subpixel snow
heterogeneity is considered in the CLSM. Compared with the 11 year average of the daily observed runoff,
the CLSM attains coefficients of determination of 0Ð88 and 0Ð78 with and without the subgrid-scale snow
parameterization respectively (Table IV). The SSS experiment yields a mean absolute error of 0Ð48 mm day1
in river discharge, a reduction of 0Ð17 mm day1 from the CTL simulation. A comparable decline in the rootmean-square error is also obtained with the updated model. This analysis suggests that there are significant
benefits in incorporating the MODIS snowcover data for simulations of river runoff on the North Slope
of Alaska.
Comprehensive snow-course surveys are not available for the KRB as a whole; thus, the simulated SWE for
a single subbasin that includes the area covered by Imnavait Creek is chosen for the validation of snowcover
evolution (see Figure 1b). There exists a long-term dataset of snow ablation data that has been collected each
spring at Imnavait Creek as part of the Water and Environmental Research Center (WERC) of the University
of Alaska Fairbanks’ North Slope Hydrology initiative (Kane and Hinzman, 2003). Measurements of SWE
are, therefore, available for the 11 year period chosen for the numerical simulations. A quantitative evaluation
of the CLSM’s performance is conducted with the point observations even though the simulations are for a
basin that covers 424 km2 in area.
The evolution of the observed and the simulated SWE, with and without the subgrid-scale snow
parameterization, is shown in Figure 9. The snow-course surveys demonstrate that snowmelt occurs in May
or early June, with melt lasting about 2 weeks on average before the complete disappearance of snow at
Imnavait Creek. The CTL and SSS simulations capture reasonably well the end-of-winter amount of SWE
recorded at Imnavait Creek, with the greatest discrepancies in 1995. When uniform snowcover conditions
Table IV. Error analysis for the CLSM simulations compared with observations (OBS)a
Variable

Experiment

Mean (mm day1 )

R2

MAE (mm day1 )

RMSE (mm day1 )

Runoff

OBS
CTL
SSS
ST1
ST2
ST3
ST4
OBS
CTL
SSS
ST1
ST2
ST3
ST4

1Ð7
2Ð1
2Ð0
2Ð0
2Ð0
2Ð0
2Ð0
40
51
50
52
54
50
49

—
0Ð78
0Ð88
0Ð88
0Ð89
0Ð87
0Ð89
—
0Ð74
0Ð74
0Ð74
0Ð77
0Ð74
0Ð74

—
0Ð65
0Ð48
0Ð48
0Ð48
0Ð49
0Ð47
—
19
18
20
18
18
18

—
0Ð50
0Ð29
0Ð29
0Ð29
0Ð29
0Ð28
—
3Ð7
3Ð4
3Ð7
3Ð5
3Ð4
3Ð4

SWE

a

The analysis is based on the mean daily values of river runoff and of SWE between 1 May and 30 June over the period 1991– 2001 in
the KRB. Observations of SWE are taken from Imnavait Creek (Kane and Hinzman, 2003) and are compared with the simulated SWE in
the southernmost of 13 subbasins over which the CLSM is run. The simulated river runoff rates from all 13 subbasins are areally averaged
and compared with the USGS measured values at Deadhorse. Two standard simulations are conducted with the CLSM: one as the control
(CTL) experiment without subpixel snow heterogeneity and another with the subgrid-scale snow (SSS) parameterization. Results from four
additional sensitivity tests are included, whereby the SSS simulation is modified to remove the effects of either blowing-snow sublimation
(ST1), snow damming (ST2), the stormflow mechanism (ST3), or variations in depth-to-bedrock (ST4) (see text for details).
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Figure 9. The observed (OBS) SWE from Imnavait Creek (Kane and Hinzman, 2003) compared with the simulated SWE in the southernmost
of 13 subbasins over which the CLSM is run from 1 May to 30 June 1991– 2001. Mean daily values of the observed and simulated SWE
over the period 1991– 2001 are also shown. Two simulations are conducted with the CLSM: one as the control (CTL) experiment without
subpixel snow heterogeneity and another with the subgrid-scale snow (SSS) parameterization

are assumed in the CLSM, the snowpack collapses rapidly when melt is initiated. Once subgrid-scale snow
heterogeneity is taken into consideration, the simulated ablation of SWE is more gradual and is more in line
with the point observations from Imnavait Creek. In the SSS experiment, depletion of SWE is accelerated in
the shallow snowcover fraction but delayed in the deep snowcover fraction, extending the melt period by a
week or two compared with the CTL experiment.
An error analysis of the 11 year average of the daily simulated SWE for May and June shows that the
CLSM attains a coefficient of determination of 0Ð74 in both the CTL and SSS experiments compared with the
observations (Table IV). For the same time period, the mean absolute and root-mean-square errors are both
reduced when the subgrid-scale snow parameterization, constrained by the MODIS data, is introduced into
the CLSM.
Greater disparities between the observed and simulated SWE exist, since snowcover heterogeneity at
Imnavait Creek represents local conditions only and does not necessarily describe actual conditions over
the entire subbasin where the CLSM is run. Thus, increasing the spatial resolution of the SWE sampling at
Imnavait Creek will not improve comparisons between observed and modelled snowcover conditions in this
case (see Snow areal depletion curves inferred from MODIS section). Unless an aggregate of basinwide snow
surveys or of satellite data is performed, a thorough validation of the modelled SWE in the KRB will remain
elusive. Thus, validation of SWE using non-aggregated point observations remains a difficult process. This
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also highlights the importance of river discharge as a validation product for large-scale land surface studies
such as the one conducted here, since it represents an integrated response of the basinwide landscape.
Sensitivity tests
In the previous section, we demonstrated that the incorporation of subgrid-scale snow in the CLSM improves
the representation of river runoff and of snowcover conditions during the spring transition period of the KRB.
We now conduct additional simulations to test their sensitivity to other processes that are not resolved by the
standard CLSM (see Model modifications section). Four supplemental simulations are performed in which
the SSS simulation is modified to remove the individual impacts of (1) blowing snow sublimation (ST1),
(2) snow damming (ST2), (3) the stormflow mechanism (ST3), and (4) variations in depth-to-bedrock (ST4)
on the results. The sensitivity tests use the same experimental strategy as the SSS simulation, with the
exception that the specified process is turned off during the integration.
Table IV includes results from four sensitivity tests in addition to the CTL and SSS simulations. The
removal of the blowing-snow sublimation process from the SSS simulation increases the amount of snow
that degrades the modelled SWE. Without snow damming, the simulated river runoff and SWE deviate little
from the SSS experiment. The omission of the stormflow process and of the subgrid spatial variability in
depths-to-bedrock also has little impact on the SSS simulation.
Overall, the sensitivity tests show that the small-scale snowcover heterogeneity has the most significant
impact on the simulation of SWE and of river runoff in the KRB. Blowing-snow sublimation, snow damming,
the stormflow process, and the spatial variability of depths-to-bedrock have secondary impacts on the simulated
water budget variables for the KRB. Processes currently not resolved by the CLSM, including the effects of
topography on incoming solar radiation and on air temperatures, may explain the remaining discrepancies
between the SSS simulation and observations.

DISCUSSION
Earlier (A method for partioning the KRB section), we obtained the shallow and deep snowcover fractions
by analysing the slope of the snow areal depletion curve over the KRB during May and June of 2002. On
the time series of snowcover fraction, a tangent was drawn at the point where the slope of the snow areal
depletion curve achieved its greatest absolute value (see Figure 7). The rapid decline in snowcover fraction
at this stage of the snowmelt is indicative of a shallow snowpack that ablates quickly and uniformly across
the KRB. A second tangent was established at the point where the slope of the snow areal depletion curve
attained the specified threshold absolute value of 1% per day. As snowmelt wanes, the slope of the snow areal
depletion curve begins to level off as the snowcover fraction attains a secondary plateau. This is indicative of
snowdrifts that linger several weeks as they slowly ablate, even though the shallow snowcover fraction has
already vanished (Déry et al., 2004). The approximate time at which the shallow snowpack has completely
melted is deduced from the intersection of the two tangents. On this date, the shallow and deep snowcover
fractions are then inferred from the snow areal depletion curve.
The strategy employed to obtain the shallow and deep snowcover fractions can easily be automated and
generalized to multiple watersheds subject to seasonal snowcovers. Time series of the snowcover fraction
and its time rate of change are the two necessary inputs required to infer the shallow and deep snowcover
areas. Figure 10 illustrates two idealized snow areal depletion curves representing snowmelt over an arbitrary
catchment during May. For curve 1, the snow areal depletion curve ends with a secondary plateau near zero,
whereas curve 2 achieves a secondary plateau near a snowcover fraction of 20%. Following the procedure
outlined before, tangents are drawn along the curves at points where the slope is maximized (in absolute
terms) and where it begins to level off again. For curve 1, the intersection of the two tangents provides a
deep snowpack covering 10% of the watershed, whereas for curve 2 this fraction increases to 27%.
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Figure 10. The temporal evolution of snow areal coverage inferred from MODIS for two idealized cases. The characteristics and physical
interpretation of curves 1 and 2 are described in the text

From this discussion, we suggest that the shape of a snow areal depletion curve expresses the degree of
nonuniformity in the snowpack prior to the ablation period. Curve 1 is representative of a spatially uniform
snowpack that melts rapidly and evenly across a watershed, with minimal persistent snow. On the other hand,
curve 2 depicts a basin with considerable snow heterogeneity, with a shallow snowpack that melts at about
the same rate as curve 1 and a deep snowpack that is much more persistent owing to the large amount of
SWE it contains. The information contained in the snow areal depletion curves derived from MODIS can,
therefore, be easily extracted and applied to various watersheds.
Despite its simplicity, this automated approach has some limitations. In high-latitude watersheds such as the
KRB, frequent episodes of low-level clouds may inhibit MODIS from detecting snow at the surface. This may
reduce the temporal resolution of the MODIS snowcover data and degrade the accuracy of the snow areal
depletion curves. Late-season snowfalls may complicate the situation by rapidly increasing the snowcover
fraction for a few days (Hall and Martinec, 1985). Sudden spikes in the snowcover fraction will need to be
filtered out to avoid the negative impact of these precipitation events on the analysis of the deep and shallow
snowcover fractions. Special consideration of vegetation and snow masking will also be necessary, since this
poses an additional challenge in applying the proposed methodology globally.

SUMMARY AND FUTURE WORK
We have demonstrated that subpixel (<500 m) values of snowcover fraction deduced from MODIS compared
favourably with Landsat data. A mean absolute error in snowcover area of 0Ð07 and a coefficient of
determination of 0Ð90 revealed the high level of accuracy achieved by the MODIS subpixel scheme applied
to the North Slope of Alaska. The most prominent discrepancies between MODIS and Landsat measurements
were found to occur at fractional values of <0Ð2. After a correction was applied to remove this bias, the
MODIS data can be used to estimate snowcover area at all stages of the snowmelt period in the KRB of
Alaska. Bias-corrected snow areal depletion curves for the spring of 2002 exhibited similar features to those
inferred from snow-course measurements. A secondary plateau in snowcover area late during the melt period
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was associated with the presence of persistent snowdrifts on the arctic landscape. It was found that about 76%
of the KRB was covered by a shallow snowpack and the remaining 24% by a deep snowpack. Application
of these snowcover fractions in the CLSM subgrid-scale snow parameterization enhanced significantly the
simulation of snowcover ablation and of freshwater discharge during the spring transition period for 11 years
in the KRB.
Although we have demonstrated the feasibility of using MODIS data to constrain new parameters introduced
by the CLSM subgrid-scale snow parameterization, this was achieved in a single basin. In other river basins,
variations in the local topography, vegetation, and climate will interact to produce different levels of snowcover
heterogeneity. As such, the area covered by shallow and deep snowcovers will vary from catchment to
catchment in response to the local environment. To that end, a straightforward methodology that automatically
extracts the shallow and deep snowcover fractions based on the evolution of the snow areal depletion curves
inferred from MODIS will be applied in all watersheds subject to seasonal snowcovers. These fractions
will then be used to provide the necessary parameters for the CLSM subgrid-scale snow parameterization.
It is anticipated that incorporation of the MODIS data in the updated CLSM will improve simulations and
predictions of the global surface energy and water budgets.
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